Before we can model the P waveform data of the Virginia earthquake, we need to determine the source parameters. Our preferred method is the Cut-And-Paste (CAP) method 1 , which allows the source parameters to be estimated in the presence of crustal complexity. This technique fits P nl and surface wave segments between observed and synthetics that are allowed to shift independently in timing for alignment (Fig. S1 ). The earthquake is assumed to be a sheardislocation with three parameters; strike, dip, and rake. We search for the best-fitting set of parameters as a function of earthquake depth through a grid-search approach 1 (Fig. S1b) . During this search, each segment of waveforms is allowed to shift some time to compensate their traveltime residuals generated by heterogeneities in regional crustal structures. The amplitudes are on the same scale except that P nl 's are amplified by a factor of 2. Station names and distance are indicated for each station.
synthetics generated from the model in Table S1 fit both the Love waves and P nl waves quite well at these periods. The amplitude of P nl decays with distance R faster than Love waves at a rate of 1 / R vs. 1/ R , so that the ratio of P nl and Love amplitudes decreases with distance, for example the two stations MCWV (252 km) and M54A (423 km). The phases P n and S n become apparent at the larger distances (arrows). The shape of P nl is mainly controlled by P n , pP n , and sP n . The second pulse about 12 s later is PP or enhanced P n P n produced by the gradient in the mantle. Note that P n is relatively late at station MCWV indicating a reduction of mantle P velocity by over 8%, which will be discussed later. The Love wave, controlled mostly by the structure of upper crust, is also slow which suggests that this slow path has both a crustal and mantle anomaly.
Next we construct synthetics for various models assuming the above source parameters. We then follow a forward modeling approach with a trial-and-error procedure in fitting waveform data. The fits are measured by computing the cross-correlations of synthetics compared with data. As in our recent modeling, we also conducted some grid searches to derive the three models 2 (Fig. S2 ). Along the profile marked in blue in Fig. 1a , the synthetics generated from velocity model CR agree with data reasonably well (Fig. S2b) . However, the corridor from Virginia to the west displays both P n travel-time delays as well as lack of short-period energy.
The P waveforms are about 2 times broader than those along the northern profiles (Fig. S2b ).
This feature is easily seen in azimuthal sections as presented in Fig. S3a . The broadened waveforms are due to delayed P arrivals that travel in the lower lithosphere between 120 km and 200 km, while P n arrivals are delayed less. We then adjust velocities in the lower lithosphere to obtain the best fitting 1D model through grid search which are displayed in Fig. S2c . A transitional profile between CR and the slow corridor has seismic velocities in the lower lithosphere slightly reduced (Fig. S2d) .
The azimuthal record sections in Fig. S3a clearly display longer waveform shape along the EW profile near 280 o . These elongated signals can be analyzed directly with the application of a multipath detector 3 . The methodology is outlined in Fig. S3b , where in (a) we display P n (L) and P (R) separately with a timing shift of Δ LR . When summed they produce the lower plot, and next the simulation is compared with the data and aligned to produce Δ T . Some examples of this simulation are given in (b). The Δ LR and Δ T results are displayed in (c) and (d), respectively, which clearly delineate an EW low-velocity anomaly.
The short-period amplitudes along the slow corridor are quite low (Fig. S4 ), which can be roughly simulated by applying an attenuation operator t* (ref. 4). We first obtained the source time function by deconvolving theoretical Green's functions from teleseismic waveforms along the west coast using the method described in ref. 5. In order to obtain high-frequency signals attenuated by the mantle, we manually added two spikes to the waveform (inset in Fig. S4 ). We then calculate synthetics at regional distances using a uniform Q of 1300 and apply an attenuation operator t* to each synthetics to match the observed amplitudes. Since all stations are at similar distances, we can obtain the relative attenuation effect for each path. We have not attempted to match the observed short period signals since they are probably very 3D in nature.
Along the profile to the north, which is similar to CR, the t* is close to 0 s indicating very little attenuation. Our slow corridor, however, has significantly large t* values, which are equivalent to Q~180 (shaded area in Fig. S4 ). Thus, this conduit is heavily attenuated which would be expected if it is associated with mantle upwelling (high temperature). We calculated synthetics along the slow corridor using Q=180 in the lower lithosphere, and 1300 for everywhere else. The synthetics fit the observed waveforms and amplitudes (Fig. S5 ).
Geodynamic Model
We use a modified version of the 2-D Citcom software with an axisymmetric geometry, mantle compressibility, and adiabatic and viscous heating (the governing equation and model details can be found in ref. 6). The model parameters used are listed in Table S2 . We have 257×257 numerical grids for the model domain of 1435 km in radial distance by 2870 km in depth. All the boundaries are free-slip. The top and bottom boundaries are isothermal, and the left and right boundaries are thermally isolated. From the surface to the core-mantle boundary (CMB), the thermal expansivity decreases by a factor of 5, while the thermal diffusivity increases by a factor of 2. We use the Adams-Williamson equation of state 7 which leads to a density increase by a factor of 1.65 from the surface to the CMB. The initial background temperature field consists of an adiabatic profile (computed as in ref. 6) and top and bottom thermal boundary layers of both 100 km in thickness. In the thermal boundary layers, temperature is linearly distributed with depth. The initial compositional field consists of a lithosphere from 0 to 200 km depth (composition C = 1) and a mantle from 200 to 2870 km depth (composition C = 0). Nominally, there is an intrinsic compositional density difference for the lithosphere, 1% lighter than the mantle. We use a viscosity η that is temperature-, composition-and depth-dependent:
where T and z are temperature and depth. η r (z) is the depth-dependent viscosity profile; it is equal to reference viscosity 0 η in the deep mantle (410 to 2870 km depth), and 0 η /100 in the shallow mantle (0 to 410 km depth). T adi (z) is the initial adiabatic temperature profile. The activation energy E a determines the viscosity contrast caused by temperature variation. We choose an E a which leads to a viscosity contrast of 10 10 , when the adiabatic temperature profile T adi (z) is not considered, for temperature variation between the surface and the CMB. Since we remove T adi (z) from the temperature field, the actual viscosity contrast induced by temperature in our model is approximately 10 8 . Nominally, the compositional viscosity parameter E c is chosen to give a viscosity increase of a factor of 5 for the lithosphere composition.
A plume is induced by slightly perturbing the bottom thermal boundary layer at the center of the domain (setting the temperature to be the CMB temperature in a 100 km by 100 km box at the bottom center). To quantify the plume radius at each depth, the plume region is defined as the area where the temperature T is larger than a threshold:
where T ave and T c are the horizontally averaged temperature and centerline temperature, respectively; f is a constant. We choose f = 0.2 for defining a plume because it can preserve most of the plume heat flux while excluding a large region with positive temperature anomaly but small upward velocities 8 .
We are interested in the interactions between the plume conduit (tail) and the lithosphere.
After the plume head reaches the bottom of the lithosphere and fully expands horizontally ( Fig.   S6a ), we keep the plume tail beneath 300 km depth (marked by white lines in Fig. S6a ) and replace the rest area with the horizontally averaged temperature at each depth. After 3 million years (Myrs), the plume tail reaches the bottom of the lithosphere, spreads out horizontally (Fig.   S6c ), and slightly erodes the lithosphere at the model center (Fig. S6d) . We then artificially remove the supplying plume conduit by replacing the temperature fields beneath 250 km depth with the horizontally averaged temperature at each depth.
The ponded plume material rises slowly, pushes the lithosphere material aside and forms a concave eroded region at the bottom of the lithosphere. During this erosion process, the temperature anomaly of the plume material decays with time due to thermal diffusion (Fig. S7 ).
We consider the ponded plume material forms a low Q region due to its high temperature. If Q is estimated to be ~180 in this seismically low-velocity corridor, the P-wave anomaly due to the temperature variation can be computed from ∂lnV p /∂T = -1.08 (ref. 9). For region with higher Q, we use ∂lnV p /∂T = -0.62 to compute the temperature induced P-wave anomaly 9 . After evolving for 49 and 74 Myrs, the P-wave anomaly at the center of the eroded region is about -2.4% and -2.1%, respectively (Fig. 2) . Such ponded plume material causes ~15% heat flux anomaly and ~400 m dynamic topography at the surface (Fig. S8 ). Therefore the surface expression of ponded plume material is relatively weak. However, if the influence of local tectonic setting can be excluded, such a heat flux and dynamic topographic signal caused by the hidden hotspot track may be detectable.
The extent of lithosphere erosion by ponded plume material decreases with increased viscosity contrast δη and density contrast δρ between the lithosphere and the mantle, so are the size and magnitude of the P-wave anomaly region (Fig. S9 ). If δρ is reduced to 0, e.g. as for oceanic lithosphere, strong lithosphere deformation occurs because the lithosphere cannot selfadjust its depth after temperature anomaly diffuses (Fig. S9d ). The extent of lithosphere erosion and the magnitude of the P-wave anomaly also increase with Rayleigh number (Fig. S10 ),
suggesting that larger plume flux causes stronger P-wave anomalies. The model geometry is 400 km deep, 1600 km wide and 3200 km long in the direction of plate motion ( The circular region in the bottom boundary is centered at 800 km away from the left sidewall along the X-axis and maintains a temperature anomaly as !T = !T p exp("r 2 / R p 2 ) , where !T p , r and R p are the plume excess temperature, the horizontal distance to plume center and the plume radius, respectively. For this computation, we set !T p = 400 K and R p = 75 km. Initially, we put a plume conduit extending 200 km above the circular region and having the same temperature anomaly as the region (Fig. S11a) . The compositional continental lithosphere extends from surface to 200 km depth. The viscosity structure is the same as we used for the 2-D modeling, except that we now impose a maximum viscosity η max = 1.0e23 Pas and a minimum viscosity η min = 2.5e18 Pas to avoid numerical difficulties in solving the Stokes equation.
After the model reaches a steady state, the plume material is sheared beneath the moving lithosphere and cools with distance ( Fig. S11b ). Due to the erosion effect, the compositional continental lithosphere is thinned from the bottom. Such a thinning effect can be transported to several thousand kilometers away due to the plate motion (Fig. S11b) . The cross-sections at 50
and 75 Myrs after the plate passes above the plume center correspond to YZ-plane at X=1800
and 2300 km, respectively. The residual temperature, compositional field and induced P-wave anomaly on these two cross-sections ( Fig. S11c) are very close to our previous 2-D results, supporting the idea that our 2-D model is a good simplification for studying the plumelithosphere interactions. To test the effects of different plate velocities on our results, we double the plate velocity and the length of the box to 4 cm/year and 6400 km, respectively. The crosssections at 50 and 75 Myrs, now corresponding to YZ-plane at X=2800 and 3800 km, show that the magnitude of residual temperature, erosion height and induced P-wave anomaly become smaller for the increased plate velocity (Fig. S11d) . This suggests that the plate velocity does affect the efficiency of lithosphere erosion by plumes (ref. 13).
References: 9. Karato, S.-I. Importance of anelasticity in the interpretation of seismic tomography. Geophys.
Res. Lett. 20, 1923 Lett. 20, -1926 Lett. 20, (1993 . Cut-and-Paste (CAP) inversion of the Virginia earthquake determined by modeling regional broadband waveforms, which are arranged according to their azimuths. The P n waves are filtered using frequencies 5-50 s and surface waves are filtered using frequencies 10-50 s.
The best-fitting mechanism is a thrust event at the depth of 6 km. The crust velocity model used here is given in Table S1 . Therefore, YZ-plane at X=2800 and 3800 km now corresponds to the time frame of 50 and 75
Myrs after plate passes above the plume center. indicating two arrivals, P n and P denoted by dotted and solid blue lines, respectively. For comparison, waveform fits for stations to the north, which are similar to CR, are shown in (e) with a single P arrival. The uncertainty is greater than the east-west section in Fig. 1 because of lack of station density. However, the existing data along the corridor clearly displays a delayed P onset relative to paths along the northern direction indicative of a low velocity corridor. 
The thermal expansivity decreases by a factor of 5 from surface to the CMB, while the thermal diffusivity increases by a factor of 2 from surface to the CMB. The density increases by a factor of 1.65 from surface to the CMB. Reference specific heat and gravitational acceleration are constant throughout the mantle. Figure S12
